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ABSTRACT

The behavior of the Hadley circulation is analyzed in the context of an idealized axisymmetric atmosphere.
It is argued that the cross-equatorial Hadley circulation exhibits two different regimes depending on the depth
of the planetary boundary layer and the sea surface temperature gradient in the equatorial regions. The first
regime corresponds to a classic direct circulation from the summer to winter hemisphere. The second regime
differs in that the return flow rises above the boundary layer in the winter hemisphere and crosses the equator
within the free troposphere. This equatorial jump is associated with a secondary maximum in precipitation on
the winter side of the equator.

The transition between these two regimes can be understood through the dynamical constraints on the low-
level flow. Strong virtual temperature gradients are necessary for the return flow to cross the equator within the
planetary boundary layer. However, the mass transport driven by such a temperature gradient is highly sensitive
to the thickness of the boundary layer. For a weak temperature gradient or a shallow boundary layer, the return
flow is prevented from crossing the equator within the the boundary layer and, instead, must do so in the free
troposphere. These dynamical constraints act equally in a dry and a moist atmosphere. However, a comparison
between dry and moist simulations shows that the equatorial jump is much deeper in a moist atmosphere. This
is interpreted as resulting from the feedbacks between the large-scale flow and moist convection, which results
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in establishing a very weak gross moist stability for the equatoria jump.

1. Introduction

The two Hadley cells are a dominant feature of the
zonally averaged circulation. During fall and spring, air
ascends in the equatorial regions, moves poleward in
the upper troposphere, subsides in the subtropics, and
flows back toward the equator in the lower troposphere.
At the solstice, the ascent regions shift into the summer
hemisphere, and the cross-equatorial branch of the cir-
culation intensifies significantly. This overturning cir-
culation carries heat, momentum, and water vapor, and,
by doing so, changes the wind, temperature, and hu-
midity distribution of the tropical atmosphere.

In the Tropics, the atmospheric circulation is closely
tied to precipitation. When moist air ascends, its tem-
perature drops, and water vapor condenses and precip-
itates. The ascending branch of the Hadley circulation
thus corresponds to regions of intense, deep convection
of the intertropical convergence zone (ITCZ). Under-
standing the distribution of precipitation remains an im-
portant question in climate science. General circulation
models (GCMs) usually have difficulties reproducing
the observed precipitation pattern as well as its vari-
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ability. From atheoretical perspective, it isusually con-
sidered that precipitation is controlled mostly by the sea
surface temperature (SST) distribution (Lindzen and Ni-
gam 1987).

This paper argues that, in addition, the meridional
overturning circulation also plays a significant role in
determining the distribution of precipitation. An axi-
symmetric model is used to investigate dynamical con-
straints on low-level circulation and their impact on the
precipitation. The planetary boundary layer (PBL), that
is, the region of the lower atmosphere that is directly
affected by surface friction and energy fluxes, is of par-
ticular interest when considering the relationship be-
tween circulation and precipitation. There are two rea-
sons for this. First, evaporation at the earth’s surfaceis
the primary energy source for the atmosphere. However,
the latent heat of vaporization is only released when
water vapor condenses. Since the lower troposphere
contains most of the atmospheric water vapor, the trans-
port of water vapor, and thus of latent heat, is dominated
by the low-level flow. Second, since the PBL feels the
effect of surface friction, its dynamical behavior is dif-
ferent from the upper troposphere, which can be viewed
as mostly inviscid. Hence, the dynamics of the PBL
flow can affect water vapor transport and precipitation.

It is shown here that there are two distinct regimes
for the cross-equatorial Hadley circulation. Thefirst re-
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gime is a classic direct circulation, with the ITCZ lo-
cated over the warm SST and subsidence in the winter
hemisphere. The second regime exhibits a horseshoe-
like circulation where the return flow of the Hadley
circulation rises above the PBL in the winter hemi-
sphere, crosses the equator within the free troposphere,
and subsides on the summer side before reaching the
main ascending regions. This equatorial jump is asso-
ciated with a second maximum in the winter hemi-
sphere. The transition between these two regimesis pri-
marily controlled by dynamical constraints on the PBL
flow.

The Hadley circulation is discussed here in the con-
text of an idealized axisymmetric model. Midlatitude
eddies extend the mass, heat, momentum, and water
transports from the subtropics into the midlatitudes and
polar regions. Because of this, the Hadley circulation
can only be fully understood in connection with mid-
latitude weather systems. Nevertheless, axisymmetric
models of the atmosphere, which cannot account for the
effects of the eddies, have proven to be quite successful
at providing insights into the behavior of the Hadley
circulation. Such axisymmetric models have been used
by severa authors to investigate the behavior of the
Hadley cell. Schneider (1977) points out the importance
of advection of angular momentum in determining the
response of an axially symmetric atmosphere to heat
sources in the Tropics. Held and Hou (1980) show that
a nonlinear, angular-momentum conserving circulation
is present in the limit of vanishing viscosity. This axi-
symmetric Hadley cell is confined to the subtropics
while the rest of the atmosphere is in radiative—con-
vective equilibrium. However, the mass transport ob-
tained in Held and Hou (1980) is significantly weaker
than that indicated by observations (see, e.g., Peixoto
and Oort 1992). Lindzen and Hou (1988) show that a
small displacement of the heat source away from the
equator produces a much stronger cross-equatorial cir-
culation. This leads to a description of the annual-mean
Hadley circulation as resulting from the averaging of
two strong cross-equatorial cells. Interestingly, the in-
tensity of the circulation obtained in Lindzen and Hou
(1988) is similar to that of the observed Hadley cir-
culation. That an axisymmetric model producesrealistic
behavior might be explained in part by the fact that,
around the solstice, easterly winds shield the equatorial
regions from the influence of midlatitude disturbances.
Hence, despite their inherent limitations, studies of ide-
alized cross-equatorial axisymmetric Hadley cells pro-
vide agood basisfor investigating the overturning large-
scale circulation in the equatoria regions.

This paper focuses on the dynamical feedbacks be-
tween the large-scale overturning circulation and the
meridional distribution of precipitation. Previousinves-
tigations with axisymmetric models have mostly relied
on dry thermodynamics: latent heat release is accounted
for only as part of the prescribed external forcing, but
there is no dynamic treatment of water vapor. Such stud-
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ies have shown that the behavior of the Hadley circu-
lation is highly sensitive to the location of precipitation
(Lindzen and Hou 1988), and to its meridional extent
(Hou and Lindzen 1992). Some results for dry circu-
lation have already been extended to a moist atmo-
sphere, such as Numaguti (1993), Satoh (1994), and
Emanuel et al. (1994), who derive the equivalent to the
Held and Hou criterion for a moist atmosphere. It re-
mains that to obtain a self-consistent theory of the Had-
ley circulation, one must address the issue of how the
large-scale flow affects the latitudinal distribution of
precipitation.

The potential temperature tendency can be written as

do _

dt
Here, 0 is the potential temperature, f,., isthe radiative
forcing, and 6., is the convective heating rate. In Held
and Hou (1980), these two terms are replaced by are-

laxation toward a prescribed radiative—-convective equi-
librium temperature:

do

dt
Here, 6. is the potential temperature in radiative—con-
vective equilibrium as a function of height and latitude
and « ! is the relaxation time scale. The Newtonian
cooling a(6: — 6) can be viewed as an ad hoc param-
eterization for radiative cooling. It is more difficult to
justify its use for latent heat release. It is still possible
to choose the radiative-equilibrium temperature distri-
bution in such away asto reproduce some of the effects
of latent heating, for example, by choosing 6. to be
close to a moist adiabat, and by reducing the relaxation
time scale in regions of deep convection, such as in
Fang and Tung (1996). In this case, one can view a‘‘ dry
experiment” as analyzing the atmospheric response to
a prescribed distribution of precipitation. The drawback
of this approach liesin that the dominant balance in Eq.
(2) is between the vertical advection of potential tem-
perature and the diabatic heating:

Wo,0 ~ (6 — ). @)

Because variations of 6 are usually smaller than the
variation of 6, this dominant balance (3) impliesavery
close relationship between vertical velocity (w) and 6.
The structure of the overturning circulation can be, in
most cases, directly determined from the meridional dis-
tribution of radiative—convective equilibrium tempera-
ture alone. In a moist atmosphere however, the large-
scale flow transports water vapor and modifies the dis-
tribution of precipitation. Thisin turn changes the latent
heat release and the overturning circulation. Such dy-
namical feedbacks affect not only the latitudinal distri-
bution of precipitation, but can also modify the vertical
distribution of the latent heat release.

The importance of the boundary layer for the Hadley

écnv + frad .

)

(6. — 6). )
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circulation has already been emphasized by previous
studies. In Held and Hou (1980), the flow is divided
into an upper-tropospheric, an angul ar-momentum-con-
serving branch, and a return flow in the lower tropo-
sphere. This return flow is directly affected by surface
friction. It is argued in section 2 that this description is
too simplistic and overlooks the possibility for part of
the return to occur above the boundary layer. A key
constraint here is that there must be a meridional pres-
sure gradient within the PBL in order to balance the
surface friction. In the equatorial regions, such a pres-
sure gradient is mostly the result of a density gradient
within the PBL, as argued by Lindzen and Nigam
(1987). The return flow of the Hadley circulation can
cross the equator in the PBL only if there is a strong
enough cross-equatorial temperature gradient. Other-
wise, the equator can act as a barrier for the return flow,
which must then cross the equator within the free tro-
posphere.

Section 3 shows that these dynamical constraints on
the PBL flow can affect the distribution of precipitation.
By varying the thickness of the PBL in a simple model,
one can obtain two distinct regimes for the cross-equa-
torial Hadley circulation. Thefirst regime, occurring for
a thick PBL, corresponds to the ‘‘classic’” Hadley cir-
culation with a single overturning cell. Air rises over
regions of warm SST in the summer hemisphere, crosses
the equator near the tropopause, subsides in the sub-
tropics of the winter hemisphere, and returns within the
PBL. The second regime differs in that the return flow
rises above the PBL in the winter hemisphere, crosses
the equator in the free troposphere, and subsides in the
summer hemisphere, giving the overturning circulation
a horseshoe shape. This equatorial jump is associated
with a secondary maximum of precipitation on the win-
ter side of the equator.

Section 4 analyzes the differences between dry and
moist Hadley circulations. While the dynamical con-
straints on the flow in the PBL are the same in a dry
and a moist atmosphere, the feedbacks between circu-
lation and precipitation modify how the atmosphere re-
sponds to the presence of this equatorial barrier. Section
5 discusses the implications of this work for the current
understanding of the cross-equatorial circulation.

2. Theory
a. Model equations

An idealized axisymmetric model is constructed here
to investigate the role of the PBL in the Hadley cir-
culation. The atmosphere is divided vertically into two
parts: a free atmosphere above and a PBL near the sur-
face. For simplicity, the PBL is represented here as a
mixed layer (ML) of constant depth, within which tur-
bulence instantly homogenizes the horizontal momen-
tum through the ML. As such, this ML is at best an ad
hoc representation of the PBL. Nevertheless, this is
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enough to produce complex interactions with the Hadley
circulation, as is illustrated in section 3.

In the free atmosphere, the equations for the angular
momentum budget, meridional momentum budget, hy-
drostatic balance, and continuity can be written as

ﬂ+2ﬂ+ w— —1i y (4)
ot adp oz P o P
2
o 26—v+w*a—v+u—tan¢=—fu—1@
ot  add 9z* a adod (5)
Jd Jdpv
+ -1 5,
P oz Vo
od  RT,
g—?r, and (6)
1 9 apw*
— Co! +—=0. 7
acos¢a¢(pv sb) + ()

The vertical coordinate used hereislog pressure defined
as z* = H, In(pr/p), where H, is an arbitrary reference
height, usually taken to the reference-scale height
RT/g and p, is a reference pressure taken here to be the
average surface pressure. The vertical velocity isw* =
dz*/dt = —H,(w/p), with o the rate of change of pres-
sure, and u and v are the zonal and meridional wind.
The pressure p = p, exp(—z*/H,) acts as the density in
log pressure coordinates. The angular momentum M is
given by M = Qa? cos?¢ + ua coso, where () is the
rotation rate of the earth, aisitsradius, ¢ isthelatitude,
f = 2Q sing is the local value Coriolis parameter, and
v is the viscosity. The geopotential height is ®, and
T,=T[1+ (R, — R)/R,] is the virtua temperature,
with R, and R, the gas constants for dry air and water
vapor, and r the mixing ratio of water vapor.

The ML layer is treated here as a single layer of
constant thickness in which the zonal and meridional
winds are constant. The index b refers to the value of
a variable within the ML, while the index f refersto a
variable in the free troposphere right above the ML.
Hence, u,, v,, and M, are, respectively, the zonal wind,
meridional wind, and angular momentum in the ML,
whileuy, v, and M ; are the values of the samevariables
measured right above the ML.

The angular momentum tendency can be obtained by
integrating (4) between the surface and the top of the
ML, and assuming that the viscous flux vanishes at the
top of the ML. This yields

oM, v, IM, PuWs Fuo
—L 4 20 M, — M,) = =&
a  a H,AP( ! o) H,AP ®

Here, w# is the vertical velocity at the top of the ML.
(Note that wis still afunction of height within the ML.)
The pressure thickness of the ML is AP = p, — p, and
is assumed to be constant, with p, the pressure at the
top of the ML. The surface flux of the angular mo-
mentum is #,,,, and it is assumed that the momentum
flux vanishes at the top of the ML.
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The ML momentum budget in the meridional direc-
tion is derived by integrating (5):

v,  v,0v, U PuWH
—b 4 2t Dang + -
it T aee a @t pap T v
160 T
= —fu, — - | + o 9
%" a9, T HAP ©

The terms on the left-hand side are, respectively, the
time tendency, meridional advection, spherical geom-
etry term, and vertical advection of meridional mo-
mentum. The first term on the right-hand side accounts
for the Coriolis acceleration through the ML, the second
term, od/a¢|b, is the geopotential gradient averaged
over the ML, and the third term is the surface friction.

The geopotential gradient at any level z* in the ML
can be obtained by integrating the hydrostatic relation-
ship (6) from the top of the ML to the level p:

oD P AR AT
5(2") = @(AH) - f o

7%

= dz*.
H, d¢ d
In the free troposphere, right above the ML, the flow can
be assumed to be in geostrophic balance. This yields

1od

a@(AH) = —fu,
with u, the zonal velocity right above the ML. Hence,
the averaged geopotential gradient within the ML can
be approximated by

1ob_ —fu
adpl|, '

where it has been assumed that the virtual temperature
gradient is constant through the mixed layer. The geo-
potential gradient can thus be decomposed as the sum
of the gradient at the top of the ML and a contribution
of the virtual temperature gradient.

These dynamical equations are completed by equa-
tions for potential temperature and water vapor. The
tendency for the potential temperature 6 is given by

6_0 + Ea_e + \N*% = écnv + frad1
ot adp az*
where f,, represents the change in potential temperature
due to radiative cooling. For simplicity, the potential
temperature tendencies due to deep and shallow con-
vection are gathered into a single term 6,,,. The water
vapor budget is written as

(10)

11

AH ROT,

2H, a a¢’

(12)

(13)

(14

- rcnv!

at  add

with 1, the change due to convection.

To solve the set of equations (4)—(14), it is necessary
to specify the surface fluxes, the radiative cooling rate
f..a, and the convective tendencies ., and 6,,. The
surface fluxes are obtained from a bulk formulation:

JOURNAL OF THE ATMOSPHERIC SCIENCES

VOLUME 61
Fus = CoPolVol(Mg — My), (15)
Fos = CoPolVol(vs — vy), (16)
Frs = Cubo|Vol(r¥ —15), and (17)
Fos = Ckpolvol(as — 6,). (18)

Here, o Fosr T and T, are the fluxes of angular
momentum, meridional momentum, water vapor, and
sensible heat at the lower boundary, and C,, and C, are
the bulk dynamic and thermodynamic coefficients. Var-
iableswith an index s correspond to quantities measured
at the earth’s surface, with r¥ being the saturation water
vapor mixing ratio at the surface temperature and pres-
sure. The index O refers to quantities measured close to
the surface, usually at a reference height of 10 m. The
surface velocity |V, | isgivenby |V,| = (U2 + v +
w2)¥2 where w, is the gustiness associated with low-
level turbulence.

b. The inviscid limit

Because the molecular viscosity of air is very small,
one can first consider the case v = 0 and AH = 0. Held
and Hou (1980) consider a first solution to (4)—(14) in
which the atmosphere is in local radiative—convective
equilibrium (RCE). This solution is characterized by (@)
a balance between radiative cooling and convective
heating f,,, + 6., = 0, (b) the absence of any circulation

= w = 0, and (c¢) the zonal wind in gradient wind
balance.

However, the viscosity of the air, while small, is not
zero. Instead of the case v = 0, one should study the
inviscid limit, that is, the lim v — 0* of an infinitesi-
mally small viscosity. Held and Hou (1980) argue that
the RCE solution can be singular; that is, the viscous
solution does not converge toward the RCE solution for
v — 0*. In a steady flow in a viscous, axisymmetric
atmosphere, any local extrema of angular momentum
must be located at the lower boundary of the domain.
The RCE solution issingular when the RCE temperature
distribution presents a horizontal gradient larger than a
certain threshold. In this case, the inviscid limit differs
from the the RCE solution by the presence of an over-
turning circulation. This circulation is limited to a spe-
cific portion of the atmosphere, outside which the RCE
solution still applies. In the simplest cases, the circu-
lation consists of two Hadley-like overturning cells in
the Tropics. It redistributes angular momentum and en-
ergy and, by doing so, maintains the temperature and
humidity distributions in these regions away from the
local radiative—convective equilibrium. As long as the
meridional velocity remains small, the meridional mo-
mentum budget (5) can be approximated by the gradient
wind balance, and the temperature distribution can be
derived from the zonal wind profile through the thermal
wind relationship.

In theinviscid limit, angular momentum is conserved
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away from a thin surface layer at the lower boundary.
The tropopause is determined by the trajectory of the
highest reaching parcel, and corresponds to a surface of
constant angular momentum. More generally, all
streamlines of the circulation in the free troposphere are
also surfaces of constant angular momentum.

At the lower boundary, the angular momentum is
modified by surface friction. However, in the absence
of a mixed layer, the friction is only felt through a thin
surface layer of thickness proportional to v¥2. In the
inviscid limit, the surface layer thickness is only an
infinitesimal portion of the atmosphere, and surfacefric-
tion can only affect a very small fraction of the flow.
Hence, angular momentum is almost conserved in the
return flow. For a steady circulation, Fang and Tung
(1996) show that the angular momentum would be ho-
mogenized within any regions with an overturning cir-
culation, and the thermal wind relationship implies that
there is no horizontal temperature gradient within these
regions. As the boundary between the overturning cell
and the rest of the atmosphere aso corresponds to a
parcel trgjectory, it is also characterized by a discon-
tinuity in angular momentum. This also implies a dis-
continuity in temperature because of the hydrostatic and
gradient wind balance: the edge of the Hadley cell be-
haves as a sloping front.

The *“purely” inviscid limit in which the viscosity
goes uniformly to O through the whole atmosphere is
not the most relevant for the earth’s atmosphere. Indeed,
turbulence and shallow convection continuously mix an-
gular momentum through the planetary boundary layer.
Held and Hou (1980) actually consider this alternative
limit and not the purely inviscid limit in their discussion
of the return flow. The inviscid limit corresponds to the
case of taking simultaneously the limit of » — 0 + and
AH - 0.

c. Dynamical constraints on the flow in the mixed
layer

For aweak overturning circulation, the equations can
be linearized for a reference state at rest. For a steady
flow, the linearized angular- and meridional-momentum
equations (8) and (9) become

f, — 7u, =0 and (29
100
fLIb + aﬁ i + 7, = 0, (20)

where 7 is a frictional dissipation time scale given by

H.Ap

= —. 21
BoCalWel @)

The zonal and meridional wind distribution can be ob-
tained from (19), (20) for a given meridional geopo-
tential gradient:
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= (1 + f2r2)—
u, f(l f T)aqﬁ i and (22)
od
= 7(1 + f2r2)— 2
v, = 71+ 1T 23)

The decomposition of the geopotential gradient between
a free-tropospheric contribution and a temperature con-
tribution (12) yields a similar decomposition for the
meridional velocity:

(24

Here, v; isthe meridional flow induced by atemperature
gradient within the ML:

v, = v, + v

AH RIT,
— 1 + f2 21
vr = ( ) 2H a9’

(25)

Similarly, v, is the boundary layer flow driven by the
geopotential gradient in the free troposphere and is di-
rectly related to the zonal wind u, right above the ML,
with

v, = fr(1 + f2r2)tu,. (26)

The zonal wind in the free troposphere is constrained
by angular momentum conservation. The angular mo-
mentum of an air parcel in the free troposphere must
be between the angular momentum of the solid-body
rotation in the ascent region and the corresponding value
at the equator. If the large-scale ascent is localized at
latitude ¢, the zonal wind is bound by

a)(cos?¢p, — cos? ) a sin’g
o < U <=

for || = | d,|. This constraint on the zonal wind also
implies upper and lower bounds on pressure gradients
in the free troposphere and, through Eg. (26), on the
magnitude of the meridional circulation that the free-
tropospheric pressure gradient can generate in the ML.

In the absence of atemperature gradient, the ML flow
is driven solely by the free-tropospheric pressure gra-
dient. In this case, an equatorward wind in the ML
requires an equator-to-pole pressure gradient, and is as-
sociated with easterly wind in the free troposphere, as
indicated by (26). A bound on equatorward velocity is
obtained by taking the lower bound for u; in (27), that
is, by assuming that the wind in the free troposphere
has the angular momentum of the solid-body rotation
in the ascending regions. This yields

|v,| = 2aQ27(cos?¢p, — €0S?¢) tand. (28)

This upper bound is proportional to the local value of
the Coriolis parameter and decreases linearly to O at the
equator. Similarly, a poleward flow requires a westerly
wind in the free troposphere. An upper bound on the
poleward velocity in the ML is obtained by taking the
upper bound for u; in (27), that is by assuming that the

(27)



1166

maximum merdional wind

20

% s s 4 2 o 2 4« & & 1w
latitude

Fic. 1. Maximum meridional velocity driven by a free pressure
tropospheric gradient for an ML thickness of a damping time scale
of 7= 1day and the ascent regions located at 15°N. The upper bound
on the meridional wind is given by (28) for the equatorward flow
(solid line, south of the equator) and by (29) for the poleward flow
(dashed line, north of the equator).

wind in the free troposphere has the angular momentum
of the solid-body rotation at the equator:

sin3¢
cosp

The upper bound on the poleward flow is proportional
to the third power of the distance from the equator. The
asymmetry between equatorward and poleward flow is
a direct consequence of angular momentum conserva-
tion imposing different constraints on easterly and west-
erly winds.

In the absence of temperature gradients, the magni-
tude of the meridional wind is bounded by (28) and
(29). These constraints are illustrated in Fig. 1 for a
hypothetical flow with the ascent regions located at ¢,
= 15°N and africtional dissipation time of 7 = 1 day.
These bounds are due to the fact that geopotential gra-
dients in the free troposphere are particularly weak in
the equatorial regions and are, therefore, inefficient at
driving a cross-equatorial flow in the ML. The flow
illustrated in Fig. 1 is associated with ascending motion
on the winter side of the equator and weak subsidence
on the summer side. Noticethat such aflow alsorequires
the wind in the free troposphere to be easterly on the
winter side of the equator and westerly on the summer
side. Such a change in the wind pattern can only occur
if there is some ascent in the equatorial regions.

Temperature gradientsin the ML generate aflow from
the colder regions to the warmer regions, as indicated
by (25), and can drive a cross-equatorial flow within
the ML. There are thus two possible situations. On the
one hand, a strong enough temperature gradient or thick
enough ML can generate sufficient cross-equatorial geo-
potential gradient for the return flow to occur within the

[v,| = 2aQ2r (29)
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ML. On the other hand, for aweak temperature gradient
or a thin ML, the temperature driven cross-equatorial
flow is smaller than the ML flow in the subtropics, and
a large fraction of the return flow must rise above the
ML in the winter hemisphere and cross the equator in
the free troposphere.

A uniform temperature gradient within the ML results
in a geopotential gradient proportional to the ML thick-
ness. Equations (25) and (21) indicate that the corre-
sponding meridional wind would be proportional to the
square of the ML thickness and, therefore, that the ML
mass transport is proportional to the third power of the
mixed layer depth. As the cross-equatorial mass trans-
port is primarily due to the temperature gradient, one
expects thus that a portion of the return flow that crosses
the equator within the ML will be highly sensitive to
the PBL depth in the equatorial regions.

The constraints on the return flow have been derived
from the linearized momentum budgets (19)—(20) in
which the dominant balance is between the meridional
pressure gradient and surface friction. For a strong
enough circulation, advection might change the behav-
ior of the flow. Horizontal advection of meridiona mo-
mentum has a limited impact as long as the ML wind
remains small (of the order of afew meters per second).
For earthlike conditions, it is insufficient to drive asig-
nificant cross-equatorial flow. Advection of angular mo-
mentum only affects the angular momentum budget and
cannot by itself generate a meridional acceleration of
the flow. Entrainment may potentially driveacirculation
inthe ML. It is, however, limited to regions with large-
scale subsidence and drives an ML flow in the same
direction as the flow in the free troposphere. The cor-
responding meridional velocity is proportional to

T

v, (30)

Vo =
© A

with 7, = H,AP/(p,w,) a subsidence time scale and v,
the meridional wind in the free troposphere. Asthe sub-
sidence time scale is much smaller than the frictional
time scale, 7, < 7, entrainment can only drive an ML
circulation that is much weaker than the corresponding
circulation in the free troposphere. Hence, although en-
trainment may have a significant impact on the ML flow,
the flow that is generated this way will always be small
in comparison to the circulation in the free troposphere.

Although this discussion has been primarily con-
cerned with the cross-equatorial flows, the constraints
on the mixed layer flow also have implications for a
Hadley circulation centered at the equator. For air rising
at the equator, conservation of angular momentum in-
dicates that westerlies will be present in the free tro-
posphere. Hence, the equator corresponds to an area of
high geopotential, preventing an equatorward circula-
tion in the ML. Most of the axisymmetric Hadley cir-
culation, including the return flow, will occur in the free
troposphere. A circulation can exist within the ML if
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either strong temperature gradients are present in the
ML, or if there is strong enough easterly wind in the
free troposphere. This, however, requires a significant
exchange of momentum between the Tropics and ex-
tratropics (e.g., due to the action of baroclinic eddies).
In the context of an axisymmetric model, this suggests
that the equatorially centered Hadley cell is much wider
in the upper troposphere than near the surface, as is
apparent in the simulations of Held and Hou (1980),
and that the low-level flow is highly sensitive to the
angular momentum exchange at the edge of the Hadley
cell.

3. Numerical model

The sensitivity of the cross-equatorial Hadley circu-
lation to the mixed layer depth is investigated in a set
of numerical experiments. The model used here hasbeen
developed in collaboration with S. Bony at the Mas-
sachusetts Institute of Technology (MIT) and is similar
to that used in Pauluis and Emanuel (2004). The dy-
namical core is based on the MITGCM (Hill and Mar-
shall 1995; Marshall et al. 1997; Adcroft et al. 1999).
Convective energy and water vapor transports are ob-
tained by using the convective parameterization of
Emanuel and Zivkovic-Rothman (1999). To remain as
close as possible to the inviscid limit, the viscosity and
diffusivity are kept as small as possible (100 Pa? s—1),
and the convective transport of momentum has been
removed from the convective parameterization, in order
to remain as close as possible to the theoretical inviscid
limit. Tests with the convective transport of momentum
did not differ significantly from the results presented
here. A numerical fourth-order Shapiro filter is used in
the horizontal directions in order to remove numerical
noise at small scales. Surface fluxes are given by the
bulk formulas (15)—(18), using C, = C, = 1.2103
m s, and the gustiness is w, = 4 m s, while the
SST is prescribed as a function of the latitude: Tg = T,
+ AT cos?[0.57(¢p — ¢po)/AP] for ¢ — Ap < ¢ <
¢ + A, and T, = T, elsewhere. The values used in
the experiments discussed below are T, = 298.15 K,
AT = 4 K, and A¢ = 15°. The SST maximum is lo-
calized at ¢, = 15°N (for the experiments shown in
Figs. 3-5), at ¢, = 10°N (for the experiment in Fig. 7,
and ¢, = 20° for the experiment in Fig. 8). These SST
distributions are illustrated in Fig. 2. This SST distri-
bution has a maximum in the tropical regions, while
being constant in the extratropics. This distribution vi-
olatesthe Held and Hou criterion generalized for amoist
atmosphere (see Emanuel et al. 1994), so as to produce
an axisymmetric overturning circulation. The tropo-
sphere is cooled by using a Newtonian relaxation: tem-
perature isrelaxed toward an *‘ equilibrium’ valuegiven
by T, = min(240 — p/100, 200) K, with p expressed
in hectopascals. The relaxation time scale is 40 days.
This Newtonian cooling produces a fairly homogeneous
radiative cooling of approximately 1 K day—* through-
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Fic. 2. SST distribution used in the numerical experiments. The
experiments in Figs. 3-5 correspond to a maximum SST located at
15°N (dashed line), Fig. 7 to a maximum SST at 10°N (solid line),
and Fig. 8 to a maximum SST at 20°N (dashed—dotted line).

out the troposphere and maintains the stratosphere at a
constant temperature of 200 K. Notice that the New-
tonian cooling is independent of the latitude, so that the
presence of acirculation results only from the variations
of SST. In the mixed layer, the horizontal velocities are
homogenized over a time scale of 20 min. The vertical
mixing does not affect the thermodynamical variables
(potential temperature and water vapor). This has al-
ready been done within the convective parameterization.
The mixed layer thickness AP is constant over thewhole
domain. The axisymmetric grid resolution is 25 hPain
the vertical direction and 1.5° in thelatitudinal direction.
The experiments are run for a period of 200 days, with
only the last 100 days used for the diagnostics.

To illustrate the transition between a thin and a thick
layer, three cases are discussed here, for different mixed
layer thicknesses of AP = 50, 100, and 200 hPa re-
spectively. The resulting circulations are shown in Figs.
3-5. The SST maximum off the equator is associated
with very strong ascent and precipitation, corresponding
to the ascending branch of a strong cross-equatorial
Hadley circulation. The flow crosses the equator in the
upper troposphere and subsides in the subtropics of the
Southern Hemisphere, where the convective activity is
suppressed. The intensity of the Hadley circulation,
measured as the maximum streamfunction, appears not
to be affected by the change in the ML depth.

The main difference occurs in the equatorial regions.
The 200-hPa case corresponds to the classic view on
the Hadley circulation, with the return flow taking place
mostly within the ML. Thereis also asignificant amount
of precipitation between the equator and the SST max-
imum. In contrast, in both the 50- and the 100-hPa cases,
the cross-equatorial Hadley circulation results in a
strong return flow in the ML in the winter hemisphere.
This return flow rises in the winter hemisphere, crosses
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FiGc. 3. (top) Angular momentum (solid line) and streamfunction
(dashed line) for an ML depth of 50 hPa. Contour interval is 2% of
the angular momentum of the solid-body rotation at the equator and
4 X 10" kg s* for the streamfunction. (bottom) Precipitation (mm
day —*). Only the regions between 30°S and 30°N are shown.

the equator within the free troposphere, and subsidesin
the summer hemisphere between the equator and the
SST maximum. This equatorial jump is associated with
a secondary maximum of precipitation. The presence of
the secondary maximum of precipitation does not affect
the main maximum over the warm SST.

Figure 6 shows the meridional velocity at the lowest
level of the model (987.5 hPa). In the 50- and 100-hPa
cases, there is a sharp drop of the meridional velocity
in the equatorial regions. This drop of velocity is as-
sociated with the ascent regions on the winter side of
the equator. Comparing Figs. 1 and 6 indicates that re-
gions of weak meridional velocity correspond to the
regions where the pressure gradient in the free tropo-
sphere is too weak to drive a strong flow in the ML.
The regions of weak meridional wind are displaced

pressure (mb)

Precip(mm/day)

-30

latitude

FiG. 4. Same as in Fig. 3 but for an ML depth of 100 hPa.

-30 -20 -10 0 10 20 30
latitude

Fic. 5. Same asin Fig. 3 but for an ML depth of 200 hPa.

dlightly into the summer hemisphere, which is probably
a result of the horizontal advection of the meridional
momentum.

Two more experiments are presented in Figs. 7 and
8. In these experiments, the maximum SST is displaced
to ¢, = 10°N (Fig. 7) and ¢, = 20°N (Fig. 8). In both
cases, the mixed layer depth AP is 100 hPa, so that
these experiments can be directly compared to that in
Fig. 4. When the SST maximum is close to the equator
so that there is a large SST gradient in the equatorial
regions, a strong flow can cross the equator within the
ML. Conversely, when the SST maximum is far away
from the equator, and there is little SST gradient, the
secondary maximum of precipitation is located farther
away from the equator in the winter hemisphere, and
the horseshoe-shaped character of the circulationiseven
more pronounced. The precipitation pattern in Fig. 8 is
reminiscent of the precipitation pattern over the Indian
Ocean during the northern summer, when a maximum

Fic. 6. Meridional wind velocity at 987.5 hPa for an ML depth of
50 (solid line), 100 (dashed—dotted line), and 200 hPa (dashed line).
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FiG. 7. Same as in Fig. 3 but for an ML depth of 100 hPa, and a
maximum SST at 10°N.

of precipitation is present on the southern (winter) side
of the equator.

Finally, to underline the differences between the dry
and moist dynamics, an additional run is performed in
which the moist dynamics are replaced by a simple re-
laxation toward the radiative—convective equilibrium
profile. The radiative—convective equilibrium used here
corresponds to the same SST distribution and the same
Newtonian cooling as the moist simulations. The over-
turning for a ML depth of 50 hPa is shown in Fig. 9.
An equatorial jump isalso present in the dry simulation.
However, while the jJump in the moist case easily reaches
the middle troposphere, the ascent is limited in the dry
case, with air barely rising above the ML. A similar
feature can be observed in the simulations presented by
Plumb and Hou (1992).

4. Moist convection and equatorial ascent

The dynamical constraints on the PBL flow apply
equally to dry and moist atmospheres. Indeed, both dry
and moist simulations exhibit an equatorial jump. How-
ever, the ascent is much shallower in the dry circulation,
barely rising above the PBL. The role of moist con-
vection in strengthening and deepening the equatorial
ascent is now discussed.

Consider first the dry case. The equatorial jJump can
be viewed as a small perturbation on adirect overturning
cell for which al the return flow takes place in the ML.
The discussion in section 2 indicates that the meridional
pressure gradient can be insufficient to drive the cross-
equatorial flow. Let us define F as the net, unbalanced,
acceleration toward the winter hemisphere in the ML:

1P

aoip|,

One can compute the atmospheric response to aforcing
F in the boundary layer. Assuming that the flow behaves

F=—fO, — 777,

(31)

PAULUIS
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Fic. 8. Same as in Fig. 3 but for an ML depth of 100 hPa, and a
maximum SST at 20°N.

linearly in the equatorial region, one can then view the
atmospheric circulation as the superposition of aHadley
cell and an equatoria jump resulting from the excess
surface friction at the lower boundary. For simplicity,
the equations of motion [(4)—(7)] and the potential tem-
perature equation (13) are linearized for a reference at-
mosphere at rest, and the spherical geometry isreplaced
by a beta-plane approximation. This yields

fo — yu =0, (32)
—-9,®" — fu =0, (33)
9, 0W = —ab, (39

d.pw + d,pv = 0, and (35)
,P" = g-= (36)

pressure (mb)

0
latitude

Fic. 9. (top) Angular momentum (solid line) and streamfunction
(dashed line) for the dry experiment with an ML depth of 50 hPa.
Contour interval is 2% of the angular momentum of the solid earth
at the equator and 4 X 10 kg s~* for the streamfunction. (bottom)
Meridional wind velocity at 987.5 hPa for an ML depth of 50 hPa.
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The horizontal coordinate is the distance away from the
equator y = a sing, so that the Coriolis parameter is
f = By. The perturbation geopotential is ¢', while 6 is
the potential temperature of the reference state. The
quantity g* = 9, is the vertical gradient of geopo-
tential in the reference state. (In log pressure coordi-
nates, it is not necessarily constant, but a proper choice
of the reference height H, can make it close to the grav-
itational acceleration.) A small damping term —yu’ is
included in the zonal momentum equation. Thisproblem
bears some similarities to the downward control of
stratospheric circulation forced by a Rossby wave drag,
as discussed, for example, by Plumb and Eluszkiewicz
(1999). The main difference liesin the fact that the flow
isforced by ameridional momentum forcing at the low-
er boundary instead of a zonal acceleration in the in-
terior. Asfor the stratospheric flow, the drag on the zonal
momentum is required to obtain a linear solution.
Equations (32)—(36) yield the PDE for ®’:

1 ! Nz’y 1 !
F—)(')Z* pd,.d" + %ay<?ayp> = 0, (37)
with N2 = ga,.6/6 the Brunt-Vaisala frequency. The
solution takes the form

, _ —Z 22 y?
p'(y, 2 = 2 exp H—n Ay¥2dy, 2_Y§

y2
+ B.y¥2) 3, (ﬁ)

with J_,, and J,, the Bessel function of order —3/4 and
3/4. The partial differential equation (37) implies the re-
lationship between the horizontal and vertical scales:

H = (M)Uzé <g>ﬂzyz
n Hr N y n

The lower-boundary condition is obtained by requiring
that the net acceleration in the boundary layer is bal-
ancing the excess friction (31). This yields
_dp'(AH) » o V(AH)

—ay +T(1+f1’)—AH ,
where ¥(2) = [, v dz is the streamfunction. The so-
[ution can be computed analytically as an expansion in
the horizontal modes. Assuming that the meridional
boundaries are far enough from the regions of the forc-
ing, the atmospheric response is dominated by eigen-
modes with a meridional extent similar to that of the
forcing. For the equatorial jump, taking Y, = 500 km,
N~ 10-2s* H, = 8km, and a/y = lyieldsavertica
scale height of approximately 250 m. The equatorial
jump is shallow in the case of a strongly stratified dry
atmosphere.

In a moist atmosphere, the adiabatic cooling in the
ascent regionsis partially compensated for by latent heat

(38

(39)

-F (40)
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release. This can be viewed as a reduction of the gross
moist stability of the atmosphere. Replacing the dry
static stability by a weaker gross moist stability N3, <
N2 in (34) indicates the equatorial jump in a moist at-
mosphere would be deeper by a factor of N/N;.

What is the gross moist stability for the equatorial
jump? The exact answer depends on the assumptions
made about the behavior of convection. Different lines
of arguments (Neelind and Held 1987; Emanuel et al.
1994; Yu et al. 1998) as well as observations (Wheeler
and Kiladis 1999) indicate that the gross moist stability
for a moist convective—gravity wave should be approx-
imately one-tenth of the dry static stability: N3, =
0.IN2. This corresponds to an equatorial jump about
three times deeper in a moist atmosphere than in a dry
atmosphere, all else being equal, and one would expect
the flow to rise about 1 km or so above the ML. One
might, however, question whether the gross moist sta-
bility of the equatorial jump should be similar to that
observed in convective gravity waves, asthe large-scale
forcing producing the equatorial jump differs from the
forcing on convective gravity waves both in terms of
its frequency and its vertical structure. Comparing the
dry and moist simulationsindicatesindeed that the moist
equatorial jump is consistent with agross moist stability
much lower than that of convective—gravity waves.

One approach to determining the effective stratifi-
cation isto analyze the energy budget of the convective
regions. The meridional energy transport by an atmo-
spheric flow is given by

Psurf dp
E= v(C, T+ L,q+ gz + ke) E
0

Psurf
=~ f vh d_p,
0 g

where C,T + L,q isthe enthalpy of moist air, including
the latent heat of vaporization, and ke = 1/2(u? + v?
+ w?) is the kinetic energy. In the equatorial regions,
the transport of kinetic energy can generally be neglect-
ed and the energy transport is, to a very good approx-
imation, equal to the transport of moist static energy
h=CT+Lg+ 0z

A key feature of the tropical atmosphere is the pres-
ence of a minimum of moist static energy around 500—
600 hPa. The existence of this minimum can be under-
stood from the fact that, although the temperature of the
tropical atmosphere is very close to that of a moist
adiabat, the middle troposphere is far from saturation,
and its moist static energy is thus lower than that of
either the boundary layer or that of the upper tropo-
sphere. Consider a steady flow ascending from the PBL
to some level in the lower troposphere, below the min-
imum of moist static energy. Such flow would result in
a net convergence of moist static energy into the col-
umn. If this flow is perturbed so that the ascent is re-
inforced, this would reinforce the energy transport into

(41)
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Gross moist static stability as function of depth of vertical ascent
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Fic. 10. Estimate of the gross moist static stability as a function
of the depth of the ascent at 0.75° (solid line) and 15.75°N (dashed
line). The gross moist static stability is obtained by using the moist
static energy profile from the moist experiment with an ML thickness
of 100 hPa.

the ascent region. If this inflow of energy results in an
actual increase in temperature,* then this temperature
change produces a pressure gradient that reinforces the
initial perturbation. A flow that results in an energy
convergence into the ascending regions would be un-
stable to small perturbations. A stable flow requires the
air to rise above the minimum of the moist static energy,
so that the circulation exports heat from the ascending
regions.

The energy export by the circulation in an atmo-
spheric column can be approximated by

OE f P gh dp
—~S= w——.
ay . g

s

(42)

The approximation is due to the fact that the transport
of kinetic energy and the horizontal gradient of moist
static energy have been neglected. The moist static en-
ergy distribution of the 100-hPa simulation is used to
compute the energy transport for various hypothetical
vertical velocity profiles with w(p) = —sin[(ps — p)/
(ps — p+)] for p > p; and w = 0 otherwise. The results
of this calculation are shown in Fig. 10.

In the equatorial regions, shallow ascent results in a
net energy convergence into the atmospheric column.
The ascent must rise to 500 hPa or above in order to
generate a net energy export. Using the vertical velocity
profile from the simulations (shown in Fig. 11) indicates

L An increase in the energy content of the atmosphere must be
associated with either an increase in temperature or an increase in
the amount of water vapor. On a short time scale, moistening of the
lower troposphere can lead to a temperature drop even when the total
energy content of the atmosphere increases. On a longer time scale,
however, the amount of water vapor is limited by saturation, and the
energy content of the atmosphere cannot be increased indefinitely
without also increasing the atmospheric temperature.
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Fic. 11. Vertical velocity at 0.75° (solid line) and 15.75°N (dashed
line) for an ML thickness of 100 hPa.

that there isaweak energy convergence in the equatorial
regions of the order of 2 kJ kg—. However, if one re-
stricts the cal culation to the ascent occurring below 250
hPa, one finds a very weak energy transport into the
convective regions (less than 200 J kg—*). Similar cal-
culations for other latitudes indicate that the ascent in
the equatorial jump is associated with very weak energy
flow, varying between a net import of 2 kJ kg—* to an
export of 2 kJ kg, and is thus consistent with a very
weak gross moist stability. This contrastswith the ascent
regions over the warm SST, which are associated with
a strong transport of energy of 12-15 kJ kg~* out of
these regions. The weak gross moist stability also im-
plies that the presence of an equatorial jump does not
affect the energy transport by the Hadley circulation
and, therefore, has a limited impact on the total mass
transport.

A fundamental assumption in this argument is that
the latent heat of vaporization is converted into sensible
heat. This essentially requires precipitation to take place
in the ascending regions. Hence, one expects two dif-
ferent behaviors for the equatorial jJump, depending on
the behavior of convection. On the one hand, in the
absence of precipitation, the atmosphere behaves as a
dry atmosphere, and exhibits a shallow jump of a few
hundred meters above the PBL. In this case, the equa-
torial jump might be simply associated with adeepening
of the PBL. On the other hand, once precipitation is
initiated, the ascent must rise above the midtropospheric
moist static energy minimum and establish a weak ef-
fective stratification.

5. Conclusions

It has been shown here that the depth of the planetary
boundary layer can significantly affect the Hadley cir-
culation and the meridional distribution of precipitation.
Two different regimes for the cross-equatorial Hadley
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cell were identified. The first regime occurs for a deep
boundary layer and exhibits a single direct cell, with
the return flow taking place in the PBL. The second
regime occurs for a thin boundary layer, and is char-
acterized by the presence of an **equatorial jump’’: the
return flow rises above the PBL in the winter hemi-
sphere, crosses the equator in the free troposphere, and
subsides in the PBL on the summer side of the equator.
This equatorial jump is associated with a secondary
maximum in the precipitation in the winter hemisphere.

This behavior results from dynamical constraints on
the PBL flow. In the equatorial regions, the pressure
gradients in the free troposphere are particularly weak.
The pressure gradient in the ML that is required to sus-
tain any cross-equatorial flow against surface friction
must be generated through density gradients within the
ML, in away similar to that discussed by Lindzen and
Nigam (1987). The mass transport that can be produced
by a given density gradient within the ML is propor-
tional to the third power of the boundary layer thickness.
This makes the return flow highly sensitive to the ML
dynamics. For a thick ML or a large temperature gra-
dient, alarge-enough meridional pressure gradient exists
in the equatorial regions to drive a strong cross-equa-
torial flow. Conversely, for a thin boundary layer, the
equator acts as a barrier that forces the return flow to
rise above the ML and to cross the equator in the free
troposphere.

The equatorial jump occurs in both dry and moist
simulations of the cross-equatorial circulation. How-
ever, in a dry atmosphere, the return flow barely rises
above the ML, while in a moist atmosphere, it rises all
the way to the middle troposphere. This difference is
viewed asresulting from the weaker gross moist stability
in the moist atmosphere due to the compensation be-
tween latent heat release and adiabatic cooling. An anal-
ysis of the energy transport indicates that the gross moist
stability of the equatorial jump is significantly lower
than that of moist convective—gravity waves described
by Emanuel et a. (1994). It is suggested here that, when
precipitation is present, the equatorial jump must rise
above the minimum of the moist static energy in the
middle atmosphere in order to establish aweak but pos-
itive gross moist stability.

In this study, the PBL isrepresented by amixed layer
of constant thickness. This is a fairly strong simplifi-
cation, given that the horizontal wind is rarely uniform
within the PBL, and that the depth of the PBL varies
between less than 100 hPa and more than 200 hPa in
the Tropics. Moreover, the idealized radiative forcing
used here does not include any cloud—radiative feed-
backs. A different representation of the PBL or of the
radiation might change the behavior of the cross-equa-
toria flow, particularly if it affects the transition be-
tween nonprecipitating and precipitating convection.
For example, in response to dynamical forcing, the PBL
might deepen sufficiently near the equator to allow all
the return flow to cross the equator within the PBL.
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Despite its simplicity, the axisymmetric model points
to the central issue of whether the atmosphere can main-
tain a sufficiently strong cross-equatorial pressure gra-
dient. It might be that, for the current climate, the PBL
is deep enough and the SST gradients are large enough
so that the Hadley circulation picture is in the classic
direct cell regime. However, recent observations by Liu
and Xie (2002) indicate the presence of a low-level
convergence zone south of the equator in the eastern
Pacific. This low-level convergence zone is associated
with a weakening of the meridional pressure gradient
and meridional wind as the flow approaches the equator,
in away similar to the idealized flows discussed here.
Interestingly, this also corresponds to the region where
GCMs exhibit a double ITCZ feature. A possible ex-
planation is that these GCMs properly reproduce the
dynamical constraints that force the low-level conver-
gence, but they overreact by initiating deep precipitating
convection and a deep equatorial jump, while the real
atmosphere might only exhibit a weak equatorial jump
in the absence of precipitation. These issues require fur-
ther investigation, but the idealized model clearly in-
dicates that momentum mixing in the PBL can strongly
affect the distribution of precipitation in the equatorial
regions.
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